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[1] The Mauritanian upwelling system is one of the most biologically productive regions
of the world’s oceans. Coastal upwelling transfers nutrients to the sun-lit surface ocean,
thereby stimulating phytoplankton growth. Upwelling of deep waters also supplies
dissolved inorganic carbon (DIC), high levels of which lead to low calcium carbonate
saturation states in surface waters, with potentially adverse effects on marine calcifiers.
In this study an upwelled filament off the coast of northwest Africa was followed using
drifting buoys and sulphur hexafluoride to determine how the carbonate chemistry changed
over time as a result of biological, physical and chemical processes. The initial pHtot
in the mixed layer of the upwelled plume was 7.94 and the saturation states of calcite
and aragonite were 3.4 and 2.2, respectively. As the plume moved offshore over a period of
9 days, biological uptake of DIC (37 mmol kg1) reduced pCO2 concentrations from 540
to 410 matm, thereby increasing pHtot to 8.05 and calcite and aragonite saturation states to
4.0 and 2.7 respectively. The increase (25 mmol kg1) in total alkalinity over the 9 day
study period can be accounted for solely by the combined effects of nitrate uptake
and processes that alter salinity (i.e., evaporation and mixing with other water masses).
We found no evidence of significant alkalinity accumulation as a result of exudation
of organic bases by primary producers. The ongoing expansion of oxygen minimum zones
through global warming will likely further reduce the CaCO3 saturation of upwelled
waters, amplifying any adverse consequences of ocean acidification on the ecosystem
of the Mauritanian upwelling system.
Citation: Loucaides, S., T. Tyrrell, E. P. Achterberg, R. Torres, P. D. Nightingale, V. Kitidis, P. Serret, M. Woodward,
and C. Robinson (2012), Biological and physical forcing of carbonate chemistry in an upwelling filament off northwest Africa:
Results from a Lagrangian study, Global Biogeochem. Cycles, 26, GB3008, doi:10.1029/2011GB004216.
1. Introduction
1.1. Ocean Acidification and Upwelling Systems
[2] The atmospheric carbon dioxide (CO2) concentration is
currently approaching 400 ppm, a level unparalleled over the
last 0.8 million years [Lüthi et al., 2008]. About a quarter of
the anthropogenic CO2 released during the last few decades
has been taken up by the ocean [Canadell et al., 2007].
Following ocean uptake, CO2 forms carbonic acid which
dissociates readily leading to a decrease in pH and carbonate
ion (CO3
2) concentration, which determines the calcium
carbonate (CaCO3) saturation state (W) of the ocean. Atmo-
spheric CO2 levels could potentially rise to 800 ppm by the
end of the century, resulting in a further decrease in pH of up
to 0.3 units and a 50% reduction in the concentration of
CO3
2 and the saturation states of CaCO3 minerals [Orr et al.,
2005]. The overall response of marine organisms to ocean
acidification remains uncertain [Langer et al., 2006, 2009;
Ries et al., 2009]. However, laboratory studies suggest that at
least some species of marine calcifiers will be negatively
affected [Comeau et al., 2009; Fabry et al., 2008; Kuffner
et al., 2008; Langer et al., 2006].
[3] The surface ocean is generally oversaturated with
respect to calcite and aragonite, the most common types of
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biogenic CaCO3. On a global scale, surface CaCO3 saturation
states show a latitudinal gradient which roughly follows sea
surface temperature (SST) distributions. This is mainly due to
the fact that cold water can hold more CO2 (because of
increased solubility) and that dissolved CO2 in most of the
surface ocean is at near-equilibrium with the atmosphere
[Opdyke and Wilkinson, 1993]. Calcium carbonate saturation
states are therefore highest in low latitude waters and decline
toward the poles. Low SST combined with high freshwater
inputs [Yamamoto-Kawai et al., 2009] have defined polar
oceans as ocean acidification “hot spots” which is why a
large number of ocean acidification studies have focused on
these regions [Anderson et al., 2010; Bates andMathis, 2009;
Chierici and Fransson, 2009; Comeau et al., 2009;
Steinacher et al., 2009; Yamamoto-Kawai et al., 2009].
Recent evidence, however, suggests that the effects of ocean
acidification can also be pronounced at lower latitude loca-
tions where cold, deep, CO2-rich water upwells to the surface
ocean. Along the west coast of the U.S.A., for example,
seasonal upwelling processes now bring waters undersatu-
rated with respect to aragonite (Warag < 1) to the surface over
the continental shelf [Feely et al., 2008; Hauri et al., 2009].
Even though Pacific deep waters naturally hold higher con-
centrations of CO2, mainly from organic carbon mineraliza-
tion, Feely et al. [2008] calculated that if the anthropogenic
signal was to be removed from the CO2 content of the
upwelled water, the aragonite saturation horizon would be
50 m deeper. As the CaCO3 saturation horizon continues to
shoal in the next decades, upwelling areas will be among the
first to experience the impacts of CaCO3 undersaturation.
[4] Although marginal seas are net exporters of organic
carbon, their role in inorganic carbon cycling remains
ambiguous [Gattuso et al., 1998]. This is because in these
systems, and especially in upwelling areas, inorganic carbon
cycling is driven by a combination of biological and physical
processes including the production and remineralization of
organic carbon and biogenic carbonates, upwelling of nutri-
ents and dissolved inorganic carbon, and water mass mixing
[Borges and Frankignoulle, 2001]. In such dynamic systems
carbonate chemistry data from fixed time series stations falls
short in distinguishing between biological and physical sig-
nals [Bakker et al., 1996; Borges and Frankignoulle, 1999;
DeGrandpre et al., 1998; Friederich et al., 1995]. In con-
trast, Lagrangian studies, such as the one described here,
allow for biological processes to be studied independently
from physical processes (i.e., tidal advection, water mass
mixing etc.). This study provides insight into the mechanisms
and processes involved in inorganic carbon cycling in eastern
boundary upwelling systems and along upwelling filaments.
[5] During the last two decades a number of studies have
focused on inorganic carbon cycling in upwelling systems
but mainly of the Pacific Ocean [Fassbender et al., 2011;
Feely et al., 2008; Ianson et al., 2003; Ribas-Ribas et al.,
2011; Torres et al., 2011; van Geen et al., 2000]. In con-
trast, very little carbonate chemistry data exists from the
Atlantic Ocean except from the Benguela [Santana-Casiano
et al., 2009] and Galician [Borges and Frankignoulle, 2001,
2002] upwellings. Upwelling systems are typically rich
fishing grounds, and because of the ecological and socio-
economic importance of these waters, their response to ocean
acidification must be addressed.
1.2. The Mauritanian Upwelling Region
[6] The Mauritanian upwelling region is one of the two
major upwelling systems in the Atlantic Ocean and globally
one of the most biologically productive ecosystems, support-
ing large commercial fisheries [Pauly and Christensen, 1995].
[7] The hydrography of the upper tropical northeast
Atlantic Ocean is complex [Stramma et al., 2005]. Major
currents in the area include the Canary Current (CC), which
flows in a southwesterly direction from the Canary Islands.
The upwelling of cold, nutrient-rich waters takes place along
the coastline caused by alongshore wind stress. The position
and intensity of the Mauritanian upwelling follows closely
the seasonal variations in the intensity and spatial char-
acteristics of the trade winds. During the winter, the trade
winds are positioned furthest south between 10N and 25N.
During spring the wind system migrates northward and in
summer is positioned between 20N and 32N. In the region
between 20N and 25N (the location of this study) the trade
winds and associated upwelling remain strong and persistent
throughout the year [Stramma et al., 2005].
[8] Here we describe the carbonate system dynamics
within an upwelling filament in the Mauritanian upwelling
area based on direct measurements of dissolved inorganic
carbon (DIC) and total alkalinity (TA). Previous studies of
biogeochemical dynamics in upwelling regions [Joint et al.,
2001; Wilkerson and Dugdale, 1987] have utilized drifting
buoys to track upwelled water. This method, however, has
the limitation that one can never be certain that the drifting
buoys remain within the upwelled plume. Buoys released
together in patches of upwelled water often tend to follow
tracks which diverge over time [D’Asaro, 2004], so it is
uncertain if deployed buoys stay with the initial patch of
water. In this study, the tracer sulphur hexafluoride (SF6)
was used to accurately follow the path of the upwelled water
during its migration offshore and to constrain rates of hori-
zontal and vertical mixing. The use of this tracer allowed a
more accurate determination of the effects of upwelling on
biogeochemical processes and carbonate chemistry.
2. Methods
[9] Cruise D338 took place in the period between April
15 and May 27, 2009, in the upwelling region off the coasts
of Mauritania and Western Sahara (Figure 1) aboard the
RRS Discovery as part of the UK SOLAS (Surface Ocean
Lower Atmosphere Study) program. Here we detail the
results from a Lagrangian study which involved the track-
ing of an upwelled patch in the period between April 22
and 30, 2009.
2.1. Tracking the Filament
[10] The course of an upwelled water mass was followed
by releasing 5 drifter buoys and two deliberate tracers (SF6
and 3He) at a location which, according to satellite SST data,
was the center of intense upwelling. Full details of the dual
tracer release technique can be found elsewhere [Nightingale
et al., 2000]. The tracers were deployed at a constant rate at a
depth of 5 m in the shape of a square spiral (1  0.8 km)
around the central drifter which was released the previous
day (day 1). Additional drifters were deployed on each of the
four corners of the initial SF6 patch. All drifters were
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equipped with ARGOS-GPS transmitters and were continu-
ously tracked by the ship via RF communications. The con-
centration of SF6 in the mixed layer was measured via an
automated gas chromatography system connected to the
ship’s underway seawater supply. Each night, the extent of
the SF6 patch, and the location of the center of mass of the
SF6 (SF6 CM) was determined. The ship relocated to this
position each morning before commencing CTD deploy-
ments. If the distance between the position of the SF6 CM
and the central drifter was more than 1 km, the central drifter
was relocated to the new patch center position. SF6 con-
centrations were also measured in samples collected from the
Niskin bottles (Ocean Test Equipment) mounted on the CTD
rosette frame in order to verify that all CTD deployments
occurred within the SF6 patch center.
2.2. Carbonate Chemistry
[11] Samples for DIC, TA and other analyses were collected
using Niskin bottles mounted on a CTD rosette frame which
was deployedwithin the upwelling filament as the ship tracked
the SF6 patch and drifter buoys over the course of 9 days. In
the subsequent sections, day 1 refers to the day the first station
was sampled, which took place at the same time as the initial
deployment of the central drifter. On day 2, carbonate chem-
istry sampling followed the deployment of SF6.
[12] Samples for DIC and TA measurements were collected
in 250 mL borosilicate bottles, poisoned with mercuric chlo-
ride and sealed according to Dickson et al. [2007]. Total
alkalinity and DIC were determined using a VINDTA 3C
instrument (Marianda, Germany) which utilizes state of the
art acidimetric and coulometric titrations for the measure-
ments of TA and DIC, respectively. The precision of the
instrument based on replicate measurements on the same
batch of seawater was better than 2 mmol kg1 for both TA
and DIC. The instrument was calibrated using certified refer-
ence materials (CRM) provided by Andrew Dickson (Scripps
Institute of Oceanography). Certified reference materials were
analyzed every 5–10 samples in order to frequently monitor
the instrument’s precision and accuracy. Other carbonate
system parameters (i.e., pHtot, pCO2, Wcal, Warag) for each
sample were calculated using the CO2SYS program [Lewis
and Wallace, 1998; Pierrot et al., 2006] from DIC and TA,
while taking into account nutrient concentrations, salinity and
in situ temperature. The dissociation constants used were those
reported by Mehrbach et al. [1973] and refitted by Dickson
and Millero [1987] and the solubility products of calcite and
aragonite were those determined by Mucci [1983].
2.3. Other Biogeochemical Parameters
[13] Depth profiles of salinity, temperature, dissolved
oxygen and fluorescence were determined using an array of
sensors mounted on the CTD rosette frame. Salinity and
temperature were measured by a Seabird 911 + CTD sensor.
The salinity values were calibrated against discrete samples
taken from the Niskin bottles and measured onboard with a
salinometer (Autosal, Guildline). Chlorophyll a was calcu-
lated from fluorescence measurements made by an Aqua-
tracka (Chelsea Instruments Ltd) fluorometer. The sensor
was calibrated against onboard measurements of chlorophyll
a according to Strickland and Parsons [1968]. Oxygen
values were measured with a Seabird SBE 32 sensor. Oxygen
data were calibrated with samples taken from the Niskin
bottles and analyzed by Winkler titration (analytical preci-
sion in the order of 0.05 mmol kg1 for n = 4–6) as described
Figure 1. CTD sampling stations during the 9 day Lagrangian study. Stations at which DIC and TA sam-
ples were collected are marked in red. Numbers represent days, with day 1 being the day the central drifter
was released.
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in Robinson et al. [2009]. Oxygen concentrations were used
to calculate the Apparent Oxygen Utilization (AOU), which
equates to the difference between the measured O2 concen-
tration and the saturation concentration of O2 at in situ tem-
perature [García and Gordon, 1992].
[14] Nutrients (silicate, phosphate and nitrate) were mea-
sured colorimetrically using a Bran and Luebbe AAIII seg-
mented flow autoanalyzer [Woodward and Rees, 2001].
Samples were collected from the Niskin bottles into acid
washed, “aged,” 60 mL high density polyethylene bottles
and analyzed as soon as possible, with no samples being
stored or frozen. Nutrient clean sampling and handling
techniques were carefully observed throughout. Detection
limits were 0.04 mmol kg1 for silicate and phosphate and
0.05 mmol kg1 for nitrate with analytical precision of 2%
for replicate samples (n = 4).
2.4. Calculation of Mixed Layer Depth
[15] The depth of the mixed layer was calculated using a
density criterion (Dst = 0.125) as described by Levitus
[1982]. By using a density as opposed to a temperature cri-
terion, changes in salinity can also be accounted for in the
calculation of the mixed layer depth. The value of 0.125
used for the density criterion corresponds to a temperature
change of 0.55C or a salinity change of 0.15 for the salinity
and temperature ranges of the waters sampled.
3. Results
[16] The use of drifter buoys in combination with SF6
allowed us to successfully track the movement of the patch
of upwelled water for several days as it moved offshore.
Therefore, data collected during the Lagrangian study and
presented in this manuscript provides more reliable infor-
mation on the biological and physical processing of inor-
ganic carbon following upwelling.
[17] Following several days of intense winds, intensifica-
tion in upwelling off the west coast of Cape Blanc led to the
formation of an upwelled filament which extended 200 km
offshore (Figure 2). The location of the upwelling center
(between 20 and 21N) agreed with the seasonal patterns of
the Mauritanian upwelling system [Stramma et al., 2005;
Van Camp et al., 1991]. The cold water mass was trans-
ported in a southwesterly/westerly direction (see Figure 1)
over the subsequent 9 days. The trajectory of the filament
was clearly visible in satellite SST images and the satellite-
observed track agreed well with the track followed by the
buoys and SF6.
Figure 2. Advanced Very High Resolution Radiometer-Sea Surface Temperature (AVHRR-SST) satellite
image showing the upwelling of colder water off northwest Africa (region near 21N is enlarged) on April
22, 2009. Image provided by NEODAAS, PML, UK.
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[18] The temperature of the upwelled water was 16.5C;
about 2C lower than that of the surrounding waters
(Figure 2). During the first three overnight surveys of the SF6
patch (days 2–4), both the patch and the drifters were found
to have moved in a south-southwesterly direction at a speed
averaging 40 cm s1. The patch experienced a clockwise
rotation due to the horizontal shear of the background flow,
and gradually increased in size. After day 4, as the patch was
transported away from the continental shelf, the mixed layer
deepened (Figures 3 and 4d). The central drifter was relo-
cated after the first overnight sampling (day 2) as the esti-
mated SF6 CM -drifter distance was 1.1 km. The central
drifter maintained a distance of less than 1 km from the SF6
CM on day 3 but was again relocated on day 4 when the
distance increased to 1.8 km. By that point the sampled patch
extended over a distance of more than 14 km. The following
overnight sampling revealed a rapid elongation of the patch
due to an increase in the horizontal flow shear associated with
the northern edge of the upwelling filament. The patch had
increased to a length of more than 40 km and the SF6 CMwas
not readily identifiable in the overnight mapping surveys.
The rate of SF6 CM -drifter separation during the previous
3 days was less than 1 km day1. If the same separation rate
was maintained until the end of the study, the final distance
between the SF6 CM and the central drifter would have been
of the order of 3 km, similar to the original patch size. After
day 5 the central drifter was therefore used as the patch
center.
[19] Figure 3 shows depth profiles of temperature, salinity,
density, chlorophyll and dissolved oxygen concentrations
determined by the CTD sensors along the Lagrangian tran-
sect. Average mixed layer temperature increased steadily
over time (by more than 1C over the 9 days) as the water
mass migrated offshore (Figure 4a). Nitrate concentrations
decreased from a maximum of 9.3 mmol kg1 to a minimum
of 4.7 mmol kg1 on day 8, phosphate decreased from
0.67 mmol kg1 to 0.38 mmol kg1 and silicate from
2.7 mmol kg1 to 1.0 mmol kg1 (Figure 4b). The mixed layer
depths along the transect ranged between 30 and 107 m
(Figure 4c).
[20] Chlorophyll a concentrations were high during the
first 6 days but decreased to levels below 2 mg m3 after
day 6 and below 1 mg m3 after day 8 (Figure 3). The
highest chlorophyll a concentrations (6 mg m3) were
encountered at day 1 at a depth of 30 m and around day 4 in
the top 25 m (Figure 3). The phytoplankton bloom observed
during the first days of the study was dominated by diatoms
(C. Widdicombe, personal communication, 2011), and may
have crashed due to silicate depletion (Figure 4b). Dissolved
oxygen saturation in the mixed layer increased from 85% on
day 1 to 102% by day 4 and remained close to saturation
(240 mmol kg1; Figure 3) thereafter.
[21] Average DIC concentrations in the mixed layer
(Figure 4d) decreased during the Lagrangian study with
highest levels shortly after upwelling (2168 mmol kg1) and
lowest levels during the last days of the study
(2131 mmol kg1). Averaged mixed-layer DIC around day
8.5 was higher than both the preceding and subsequent
measurements, but measured nitrate was also higher at this
time. Average mixed layer TA concentrations increased
during the study (Figures 5 and 9) with minimum levels on
Figure 3. Depth profiles of temperature, salinity, density,
chlorophyll a, and dissolved oxygen versus time in the
upwelled filament as determined using sensors mounted on
the CTD rosette frame. Salinity, chlorophyll and dissolved
oxygen concentrations were calibrated against samples taken
from the rosette mounted Niskin bottles and analyzed
onboard. Black dots show CTD sampling depths.
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Figure 4. Mixed layer (a) average temperatures, (b) nutrient concentrations, (c) mixed layer depth, and
(d) DIC concentrations, at each CTD station sampled during the Lagrangian study. Bars in Figure 4d represent
the range of DIC values in the mixed layer.
Figure 5. Depth profiles of nitrate, phosphate, silicate, TA and DIC concentrations versus time in the
upwelled filament. pCO2, pHtot, and the saturation states of calcite and aragonite were calculated from
TA, DIC and nutrient concentrations using CO2SYS. Black dots show CTD sampling depths.
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day 1 (2360 mmol kg1) and maximum values on the last
day (2385 mmol kg1). The pCO2 of the upwelled water, as
calculated from DIC and TA, was initially close to 540 matm
but subsequently decreased, reaching 400–450 matm by days
8 and 9 (Figure 5). High pCO2 concentrations corresponded
to low pHtot values, which were as low as 7.94 in the mixed
layer on day 1 (Figures 5 and 6a). After day 6, pHtot values
gradually increased to 8.05. On day 1, saturation states of
calcite and aragonite were 3.2 and 2.1 respectively in the
mixed layer. Saturation states increased gradually to 4.0 and
2.7 for calcite and aragonite, respectively, during occupation
of the last station (Figure 6b).
4. Discussion
4.1. Temporal Changes in the Physicochemical
Properties of the Upwelled Plume
[22] The salinity of the upwelled plume increased only
slightly (36.1–36.3) throughout the study (Figure 3), sug-
gesting that freshwater inputs and evaporation were insig-
nificant over the short duration of the observations. The
temperature of the upwelled patch increased with time but
remained relatively low (<18C; Figures 3 and 4; in agree-
ment with earlier work [Mittelstaedt, 1991]) compared to
waters further offshore which ranged between 22 and 25C.
[23] Within the course of about one day after its addition,
the SF6 mixed vertically to fully occupy the surface mixed
layer (50 m deep, Figure 4c). The SF6 concentrations in the
patch center then followed an exponential decrease over
time (Figure 7). This trend indicates that we consistently
sampled the center of the patch, with the decrease in SF6
concentration due to horizontal spread of this tracer con-
trolled by Fickian diffusion [Nightingale et al., 2000]. As
discussed below, horizontal mixing and entrainment is not
thought to lead to large biogeochemical fluxes in the bio-
geochemical variables. We can therefore assume that any
changes in biogeochemical variables observed are either
driven by internal dynamics (biogeochemical processes)
taking place within the sampled patch of water or are driven
by vertical exchanges.
[24] Observed vertical diffusivity across the pycnocline
during the study, measured using a free-falling shear
microstructure profiler (ISW Wassermesstechnik MSS90
[Prandke et al., 2000]), ranged between 106 and
104 m2 s1 with an average of 105 m2 s1 (from 130
deployments). Associated vertical diffusive fluxes were
therefore too low to explain any of the observed changes in
DIC and TA. While diffusive fluxes were small, entrainment
due to mixed layer deepening took place on about day 4
(Figure 4c). Despite the entrainment, reflected by a small
recovery in nutrient concentrations (Figure 4b) and a slight
drop in temperature (Figure 4a) after day 4, DIC con-
centrations continued to decrease, although at a reduced rate
(Figure 4d). Outgassing of CO2 from the patch contributed
to a minor reduction in DIC concentrations; a maximum
reduction of 5 mmol kg1 DIC over the 9 day period was
calculated using the largest air-sea CO2 gradient, from day 1.
[25] We have investigated the importance of biogeo-
chemical fluxes associated with any horizontal mixing and
consequent entrainment of out-of-patch waters, and expect
them to be small. Nitrate and phosphate concentrations
reported for the region north of the Cape Verde Islands
(800 km west of our study area) were at nanomolar levels
Figure 6. Surface mixed layer average values of (a) pHtot and (b) aragonite (open circles) and calcite
(filled circles) saturation states during the Lagrangian study.
Figure 7. Averaged mixed layer SF6 concentrations from
discretely sampled CTD mounted Niskin bottles (circles)
during the Lagrangian study. An exponential curve has been
fitted to the discrete data.
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(C. Dumousseaud et al., Control of the carbonate system by
upwelling and respiration in the (sub)-tropical Northeast
Atlantic Ocean, manuscript in preparation, 2012). Dilution
of the patch with similar nutrient depleted waters would
have led to temporal patterns in the nutrients that were very
different from those observed. This is illustrated in
Figure 8a, using nitrate and silicate concentrations as an
example. Mixing of waters in the filament with nutrient
depleted waters would have led to nitrate and silicate con-
centrations in the upwelled patch varying along a line
connecting the two end-members (Figure 8a). In this case
the first end-member is the upwelled water on day 1
(Nitrate = 9.3 mmol kg1; Silicate = 2.7 mmol kg1) and the
other the offshore nutrient depleted waters (N 0 mmol kg1,
Si  1 mmol kg1). However, observed nitrate and silicate
concentrations did not lie along this mixing line, demonstrat-
ing that the decline in nutrient concentrations owed more to
biological uptake than to dilution with offshore waters. Fur-
thermore, the Redfield type DIC:N uptake ratio (Figure 8b)
strongly supports a scenario where changes in nutrient con-
centrations were caused by phytoplankton uptake rather
than by mixing with low nutrient waters. Therefore, it is more
likely that the effects of horizontal mixing were minimal
because waters entrained into the patch had also been recently
upwelled, and had a similar chemical composition to the patch
water.
[26] Mixing only induces a net flux in the presence of a
concentration gradient. The variations in the carbonate chem-
istry in the upwelled patch were therefore dominated by
internal processes rather than horizontal or vertical exchanges.
4.2. Effect of Biological Productivity on the Carbonate
Chemistry of the Upwelling Plume
4.2.1. DIC Drawdown and CaCO3 Saturation Increase
by Primary Productivity
[27] The DIC concentration of the upwelled water was
2168 mmol kg1 when first sampled (Figure 5), which is near
the upper limit of DIC values reported for North Atlantic
Central Waters (NACW) (Dumousseaud et al., manuscript in
preparation, 2012). North Atlantic Central Waters occupy the
top 700–800 m of the water column north of the Cape Verde
frontal zone, which extends southwest from Cape Blanc to
the Cape Verde Islands. The decrease in DIC over the 9 day
period (Figures 4c and 5) was proportional to that of nitrate
(Figure 8a) with a DIC: NO3 uptake ratio of 6.8  0.8 (error
represents the standard deviation of the slope of the regres-
sion line) which is close to the Redfield ratio of 6.63. This is
consistent with DIC in the mixed layer being controlled pri-
marily by biological uptake into soft tissues and not being
significantly affected by calcification or dissolution of
CaCO3, or vertical exchanges.
[28] During this Lagrangian study, calculated levels of
pCO2 within the upwelled plume decreased from about
540 matm on day 1 to slightly above 400 matm on day 9.
These values are similar to those directly observed in the
same area during the Eumeli-4 cruise, between May and
June 1992, which reached 500 matm just south of Cape
Blanc [Copin-Montégut and Avril, 1995]. Values of pCO2
are significantly lower further offshore, in the proximity of
the Cape Verde Islands the (Dumousseaud et al., manu-
script in preparation, 2012), and in the open tropical and
subtropical Atlantic where surface pCO2 rarely exceeded
400 matm [Takahashi et al., 2002].
[29] Concentrations of pCO2 and DIC in the upwelled
water decreased with time spent at the surface, primarily due
to phytoplankton uptake. This consequently resulted in an
increase in CaCO3 saturation states, as shown in Figure 6b;
the values of Wcal and Warag increased from day 1 to day 9 by
0.8 and 0.6, respectively, up to values of about 4.0 and 2.7 by
day 9. Similar mechanisms have been observed off the coast
of northern California [Torres et al., 2011], in the northern
South China Sea [Cao et al., 2011], along the Belgian coast
[Borges and Gypens, 2010], in the North Pacific [Feely et al.,
1988], in the Chukchi Sea [Bates et al., 2009] and in the
Norwegian Sea [Findlay et al., 2008] where seasonal
enhancement of calcite and aragonite saturation states is
caused by high rates of primary production [Merico et al.,
2006]. Although CaCO3 saturation states in the mixed layer
were enhanced by primary productivity, they remained well
below values recorded in the proximity of the Cape Verde
Islands (Wcal = 6; War = 4 (Dumousseaud et al., manuscript in
preparation, 2012)) and values calculated for the pelagic
Figure 8. (a) Average mixed layer nitrate versus silicate concentrations observed in the upwelled patch
during the study. Dashed line represents nitrate to silicate ratios that would result from the mixing of
freshly upwelled (red circle) and offshore nutrient depleted waters (black star). (b) Average mixed layer
DIC versus nitrate concentrations. Best fit line corresponds to a C:N ratio equal to 6.8  0.8.
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tropical and subtropical Atlantic Ocean (Wcal  5; War  3
[Caldeira and Wickett, 2005]). It can be expected that addi-
tional primary production, fuelled by the 5 mmol kg1 of NO3
still remaining at the end of the study, subsequently raised W
toward offshore values.
4.2.2. Effect of the Phytoplankton Bloom on the TA
Within the Filament
[30] Total alkalinity values observed in the freshly upwel-
led plume (average of 2360 mmol kg1) were within ranges
reported for the NACW (Dumousseaud et al., manuscript in
preparation, 2012) and close to values (2380 mmol kg1)
measured about 300 km offshore from our study area [Soler-
Aristegui, 2002]. We initially considered four different can-
didate explanations for the increase over time of TA in the
upwelled plume (Figure 9; slope = 2.5 0.5 mmol kg1 d1):
a) evaporation or mixing with higher salinity waters, b)
nitrate uptake which increased TA in a 1:1 ratio, c) CaCO3
dissolution which increased TA in a 1:2 ratio (2 moles of TA
released for every mole of CaCO3 dissolved), and d) gener-
ation of organic alkalinity associated with high levels of
primary production [Kim et al., 2006; Kim and Lee, 2009].
[31] The influence of evaporation and/or mixing can be
corrected for by normalizing TA (nTA) to a salinity of 35
[Millero et al., 1998]. This correction removed part of the
observed increase in TA over the course of the study as
shown in Figure 9 (slope of best fit line for nTA = 1.18 
0.5 mmol kg1 d1). Potential alkalinity (PA) was used to
correct TA for changes in nitrate concentration, in addition
to correcting for the effects of evaporation or mixing
[Brewer and Goldman, 1976]. PA is calculated using:
PA ¼ TAþ NO3½ ð Þ  35S
where TA is the total alkalinity and S is the salinity. The
effect of phosphate and sulphate uptake by phytoplankton
on TA was negligible and therefore excluded from the PA
calculations. Potential alkalinity was near constant during
the course of the study, as shown in Figure 9 (slope of best fit
line for PA = 0.4  0.5 mmol kg1 d1) which suggests that
the observed increase in TA can be accounted for solely by the
combined effect of nitrate uptake and processes that alter
salinity. On the other hand, it is possible that organic alka-
linity was being actively generated but simultaneously con-
sumed by bacteria (in the process of feeding on DOM) or,
coincidentally, exactly counterbalanced by removal of alka-
linity due to calcification. Coccolithophore numbers measured
during the study, however, never exceeded 100 cells mL1
(G. Tarran, personal communication, 2011). Assuming these
are mostly small coccolithophores such as Emiliania huxleyi,
and hence maximum calcification rates are on the order of
9.6 pg C cell1 day1 [Balch et al., 1992], then the total
drawdown of TA would be less than 2 mmol kg1 over a
period of 9 days.
[32] There has been a strong interest in processes that
could account for large inconsistencies between measured
and calculated carbonate system parameters (i.e., pCO2
measured and pCO2 calculated from TA and DIC) reported
in recent studies [Hoppe et al., 2010; Koeve et al., 2011].
One such process is the generation of alkalinity associated
with dissolved organic matter, which is not incorporated
in the standard theoretical TA framework [Dickson, 1981;
Wolf-Gladrow et al., 2007]. Axenic culture experiments
suggest that relevant amounts (between 40 and 70 mmol kg1)
of this ‘organic alkalinity’ can be generated by the exponential
growth of certain diatom (Chaetoceros curvisetus, Skeleto-
nema costatum) and dinoflagellate (Prorocentrum minimum)
species [Kim and Lee, 2009]. As in cultures, phytoplankton
also proliferate exponentially in recently upwelled waters due
to favorable light and nutrient conditions, and so upwelling
systems are an obvious place to look for evidence of organic
alkalinity generation. In their cultures, Kim and Lee [2009]
found that during exponential phytoplankton growth, organic
alkalinity was produced at a rate of 0.3–0.6 mmol for every
mmole of nitrate consumed. In our case, however, the uptake
of nitrate during the 9 day study was only 4 mmol kg1. Based
on the findings of Kim and Lee [2009] the associated increase
in TA over the 9 days would therefore be less than, or close to,
the measurement uncertainty (2 mmol kg1) of our TAmethod
and therefore difficult to detect. Furthermore, such low con-
centrations of organic alkalinity would only lead to minor
errors (i.e. <1% for pCO2) in the calculations of the carbonate
system from TA and another parameter.
[33] Although this study was not specifically designed to
measure the generation of organic alkalinity or dissolved
organic matter during the phytoplankton bloom proliferation,
our data suggest that despite the intense primary production
within the upwelling filament [Beale et al., 2010], organic
alkalinity accumulation did not contribute significantly to
TA. The increasing alkalinity is satisfactorily accounted for
through nitrate uptake and water mass mixing alone, and the
best fit line for potential alkalinity against time is statistically
indistinguishable from a flat line with a zero slope (Figure 9).
The slight positive slope is driven principally by just one data
point (the measurement on day 8), without which the best fit
line would have a negative slope of 0.5 mmol kg1 d1.
Between days 2 and 4, when chlorophyll levels are at their
highest (Figure 3) and nitrate is being strongly drawn down
Figure 9. Evolution of mixed layer average concentrations
of TA, nTA, and PTA in the upwelled plume over the
course of the study (see text for calculation and definition
of each parameter). Regression analysis gives slopes for
TA = 2.5  0.5, nTA = 1.18  0.5, and PTA = 0.5  0.5
mmol kg1 day1 (errors represent the standard deviation
of the slope).
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(Figure 4b), PA is observed to decline rather than to increase
(Figure 9). Therefore, our data suggests that the rate of
organic alkalinity accumulation in the upwelling plume was
either negligible or low. If the contribution of organic alka-
linity is low even in this highly productive environment, then
it is unlikely to be important elsewhere in the open ocean.
4.3. Effect of Biological Productivity on the Carbonate
Chemistry of Sub-surface Waters
4.3.1. Decline in CaCO3 Saturation States Through the
Aerobic Decomposition of Organic Matter
[34] In deep waters, the production of DIC is closely tied to
the consumption of oxygen through microbial respiration.
This explains the strong positive correlation observed
between DIC and AOU (Figure 10) for all samples collected
below the mixed layer depth up to a maximum depth of
800 m (r2 = 0.91, p < 0.0001, n = 20) with a best fit least
squares regression of DIC = 0.51 AOU + 2132. The slope of
0.51 is in close agreement with the DIC:AOU ratio of 0.50
reported for remineralization into the shallower subsurface
layers of the North Atlantic Ocean [Omta et al., 2011] and for
the depth range 100–4000 m in the subtropical and tropical
northeast Atlantic Ocean (DIC:AOU = 0.57 (Dumousseaud
et al., manuscript in preparation, 2012)). It is, however, much
lower than the lower limit (0.62) of the carbon to oxygen
remineralization ratio estimated for the deep ocean (>400 m)
by Anderson and Sarmiento [1994]. Lower DIC:AOU ratios
are associated with remineralization of labile and nitrogen-
rich organic matter (e.g., amino acids); DIC:AOU ratios
between 0.48 and 0.625 are associated with short chained
compounds with 4–5 carbon atoms in shallower waters, and
higher DIC:AOU ratios are due to remineralization of more
recalcitrant organic matter (e.g., carbohydrates; DIC:AOU
ratio of 1) in deeper waters [Thomas, 2002].
[35] Carbon dioxide produced during plankton respiration
dissolves in water to form carbonic acid. The dissociation of
carbonic acid shifts the carbonate speciation so that pH and
the saturation states of CaCO3 decline (Figure 11). Similar
mechanisms involving reduction of the calcium carbonate
saturation states through the remineralization of vertically
transported organic matter have been reported for subsurface
waters of the North Pacific [Feely et al., 1988], the Chukchi
Sea [Bates et al., 2009] and the Lower St. Lawrence Estuary
[Mucci et al., 2011].
4.3.2. The Northeast Atlantic Oxygen Minimum Zone
and Its Effect on the Carbonate Chemistry of the
Mauritanian Upwelling
[36] Oxygen concentrations at depths between 150 and
800 m were below 100 mmol kg1 [Rees et al., 2011]. These
low concentrations are consistent with the presence of the
tropical northeast Atlantic oxygen minimum zone (OMZ),
which results from the high rates of organic matter reminer-
alization below the euphotic zone and the relatively slow
ventilation rates in the area [Stramma et al., 2005, 2008a]. DIC
concentrations within the oxygen minimum zone were the
highest observed throughout the study area (2240 mmol kg1)
consistent with the increased degradation of organic matter
and generation of CO2 at those depths.
[37] Despite the close proximity of the tropical northeast
Atlantic OMZ to the upwelling area, the link between the two
systems is weak [Glessmer et al., 2009]. The modeling study
by Glessmer et al. [2009] suggested that currently only about
1% of the Mauritanian upwelling waters originate in the
OMZ. It has been demonstrated, however, that strengthened
stratification and reduced ventilation due to warming has led
to a rapid expansion of OMZs [Stramma et al., 2008b, 2009].
Figure 10. Correlation between DIC and AOU in waters
below the mixed layer. (r2 = 0.91); DIC:AOU = 0.51 0.04.
Figure 11. (a) Aragonite and calcite saturation states and (b) pHtot versus apparent oxygen utilization
(AOU) for depths below the mixed layer.
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It can thus be expected that global warming will further
reduce CaCO3 saturation states in OMZs and increase their
contribution to eastern boundary upwelling systems.
5. Conclusions
[38] The upwelling of CO2-rich waters along the NW
African shelf leads initially to low saturation states of CaCO3
in surface waters (Wcal = 3.4, Warag = 2.2), well below
averages for these latitudes. Marine plankton in upwelling
ecosystems are likely to face challenges related to CaCO3
undersaturation much sooner than in other ecosystems at
similar latitudes. Therefore, upwelling ecosystems can be
considered as ocean acidification “hot spots,” and the
potential impacts on marine life, especially calcifiers, must be
evaluated.
[39] Following the initial upwelling, uptake of carbon by
phytoplankton acts to decrease DIC and consequently increase
saturation states of CaCO3. In contrast, in sub-surface waters,
remineralization of sinking organic matter generates CO2
which acts to increase DIC and suppress saturation states of
CaCO3.
[40] Upwelling systems are an obvious place to study
organic alkalinity generation due to the high rates of primary
productivity in recently upwelled waters. Despite evidence of
high primary production during our study, the rate of organic
alkalinity accumulation was negligible. In eastern boundary
OMZs, oxygen minima are associated with maximum pCO2
levels and minimum CaCO3 saturation states. Reduced ven-
tilation of mid waters caused by global warming will lead to
further expansion of these oceanic “dead zones” through de-
oxygenation. This would reduce CaCO3 saturation states to
even lower values in the sub-surface waters that upwell onto
the shelf of NW Africa, amplifying the consequences of
ocean acidification.
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